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Abstract 10 

 11 

Stable isotopes of oxygen (18O) and hydrogen (2H) in precipitation are widely employed 12 

tracers of the global hydrologic cycle, and are frequently inferred from lake-water-derived 13 

proxies in sediments of high-latitude lakes. Lake-water isotope proxies archive precipitation 18O 14 

and 2H values, modulated by lake hydrological processes, which may be functionally classified 15 

into processes that affect source water isotope values (i.e. inflow 18O and 2H) and catchment-16 

integrated evaporation. Respectively, these controls form the basis of interpretations of 17 

precipitation isotope and effective precipitation signals from lake-water isotope proxy records.  18 

Conventionally, a single control on lake water isotope variability is assumed for a given record. 19 

Yet sensitivity to these controls depends on regional hydroclimate and local hydrology, which 20 

may change through time. We quantified the relative impacts of variations in inflow 18O and 21 

evaporative 18O enrichment on lake water 18O in response to spatially variable aridity, using 22 

measurements of lake water 2H and 18O from 140 western Greenland lakes located between 23 

the Labrador Sea and western Greenland Ice Sheet margin. We calculated source water 18O of 24 

lake waters (I) using a recently developed Bayesian method and quantified evaporation-to-25 

inflow ratios (E/I) using a modified Craig-Gordon model. I varied by 11.1‰ across the study 26 

region, superimposed by evaporative 18O enrichment of up to 20.0‰ and E/I ranging from nearly 27 

no evaporative loss (E/I<0.10) to desiccation (E/I>1). Lakes can be broadly classified as 28 

predominantly sensitive to inflow or evaporation, corresponding to their location along the 29 

aridity gradient, and there are significant trends in both I and E/I across the study area. 30 

Substantial local variability in I and E/I suggests catchment hydrology determines the 31 

sensitivity of I and E/I to changes in aridity, and implies that hydrological end-member lakes 32 
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within a small region may provide complementary records of seasonal precipitation isotope 33 

values and ice-free-season evaporation. Deconvolving modern controls on lake water isotope 34 

values provides essential support for quantitative and seasonal paleoclimate inferences from 35 

paleolimnological isotope data, which will improve constraints on the long-term variability of 36 

the Arctic hydrologic cycle. 37 

 38 

Key Words: Lake water isotopes, Precipitation isotopes, Arctic, Hydroclimate, Effective 39 

precipitation, Proxy interpretation 40 

  41 
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Introduction 42 

 43 

The hydrologic cycle in the Arctic is intricately linked to the cryosphere and the global climate 44 

system, and is projected to change profoundly in response to anthropogenic warming (Serreze et 45 

al. 2006). Annual Arctic precipitation may increase by up to 50% within the century in response 46 

to increasing freshwater fluxes between the atmosphere, land, and oceans (Rawlins et al. 2010; 47 

Bintanja and Selten 2014). Yet ramifications of such a precipitation increase for ice sheet mass 48 

balance, terrestrial hydrology, ecosystems, and ocean circulation will depend on both the 49 

magnitude and seasonality of future changes (Bring et al. 2016). The mechanisms predicted to 50 

drive precipitation changes are associated with contrasting seasonality, with increases in winter 51 

precipitation driven by enhanced local evaporation and increases in summer precipitation driven 52 

by strengthened remote moisture transport (Bintanja and Selten 2014). Understanding the 53 

relative importance of these seasonal mechanisms to future changes is limited by a lack of 54 

constraints on long-term seasonal moisture variability in the Arctic, a consequence of the scarcity 55 

of qualitative records and absence of quantitative records (Linderholm et al. 2018). 56 

The stable isotope compositions of oxygen and hydrogen (18O and 2H) in precipitation 57 

are powerful tracers of hydroclimate, as they are affected by transport and fractionation 58 

processes within the global hydrologic cycle (Dansgaard 1964; Gat 1996). Direct measurement 59 

of precipitation 18O and 2H in ice cores has produced paleoclimate records from glaciated 60 

regions (Andersen et al 2004; Dansgaard et al 1993). Additionally, proxy data for past 61 

precipitation 18O and 2H values are archived indirectly in Holocene-age Arctic lake sediments, 62 

the most widespread archives of such information (Leng and Marshall 2004; Sundqvist et al. 63 

2014).  64 
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A recent synthesis of Holocene proxy data from the Arctic included 14 lake water 18O or 65 

2H records, measured in calcite, cellulose, diatoms, and leaf wax biomarkers (Sundqvist et al. 66 

2014). Most of these records (n=8) were originally interpreted as relative mean annual effective 67 

precipitation (P-E), with the remaining records interpreted as reflecting mean annual 68 

precipitation isotope values. With continued growth in the application of lake water isotope 69 

proxies, interpretations of Arctic records have broadened to include relative precipitation 70 

seasonality and summer-biased precipitation isotopes (Arppe et al. 2017; Balascio et al. 2018, 71 

2018; Lasher et al. 2017; Lasher and Axford 2019; Thomas et al. 2016, 2018). Although all of 72 

these Arctic lake water isotope proxy records may be classified as ‘hydroclimate-sensitive,’ such 73 

a classification comprises a broad range of interpretations, which may be divided into those that 74 

reflect precipitation isotopes and those that reflect P-E balance. 75 

Interpretations of lake water proxy 18O and 2H in sediment cores are often supported by 76 

local measurements of modern lake water and/or precipitation 18O and 2H (Anderson et al. 77 

2005; Balascio et al. 2013; Lasher and Axford 2019; Thomas et al. 2016). Modern lake water 78 

surveys from the Arctic and sub-Arctic demonstrate that lakes may exhibit wide ranges of 18O 79 

and 2H, despite receiving similar annual precipitation input (Gibson and Edwards 2002; Jonsson 80 

et al. 2009; Leng and Anderson 2003). Deviation of lake water 18O and 2H from annual 81 

precipitation values has been linked to differences in water residence time and hydrologic 82 

connectivity, which cause differences in apparent inflow isotope values (Gibson et al. 2002). 83 

Moreover, observations of regional lake water isotopic variability may extend beyond the range 84 

of precipitation isotopic variability, implicating modification by evaporation (Gibson and 85 

Edwards 2002; Leng and Anderson 2003). Simply, processes that drive lake water variability 86 
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may be divided into those that affect inflow 18O and 2H and those that impart evaporative 18O 87 

and 2H enrichment, analogous to paleoclimate interpretations of precipitation isotopes and P-E. 88 

The Kangerlussuaq region spans the widest ice-free corridor of Greenland, displaying a 89 

transition from maritime climate along the coast of the northern Labrador Sea to continental 90 

climate towards the Greenland Ice Sheet margin. Several lakes from the region have yielded 91 

paleolimnological records that contextualize Holocene ice sheet retreat and document local 92 

ecological changes following deglaciation (Anderson and Leng 2004; Leng et al. 2012). 93 

Kangerlussuaq is the focus of a substantial body of work in modern isotope hydrology. The 94 

region has served as the setting of multi-year surveys of lake water isotopes (Kopec et al. 2018; 95 

Leng and Anderson 2003) and detailed work on water isotope systematics of atmospheric 96 

moisture, lake water evaporation, and leaf water evaporation (Kopec et al. 2014; Feng et al. 97 

2016; Bush et al. 2017). Our work builds upon two prior lake water studies from the region, 98 

which combined, now include ten years of data across two decades (Kopec et al. 2018; Leng and 99 

Anderson 2003).  100 

Earliest analysis of modern lake water isotopes in the Kangerlussuaq region characterized 101 

spatial variation in lake water 18O and 2H between the coast and the ice sheet (Leng and 102 

Anderson 2003). Whereas inland, hydrologically closed-basin lakes demonstrated sensitivity to 103 

evaporative 18O and 2H enrichment in response to variations in interannual precipitation amount, 104 

coastal lakes maintained 18O and 2H near mean annual precipitation values. The identification 105 

of evaporation as a dominant local control informed the interpretation of Holocene carbonate 106 

18O records produced from two inland lakes (Anderson and Leng 2004). Strongly negative P-E 107 

in the middle Holocene was interpreted from 18O enrichment in carbonate 18O of both lakes. 108 

Despite periods of broad agreement between the two records, substantial discrepancies exist and 109 
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interpretations are limited to relative trends, with a more refined understanding limited, in part, 110 

by substantial age model uncertainty. A subsequent study by Kopec et al. (2018) reported several 111 

years of lake water 18O and 2H measurements from an overlapping subset of inland lakes, and 112 

employed principal components analysis (PCA) to document interannual variations in regional-113 

scale isotope enrichment. Variability along the first PC related to lake water evaporative 114 

enrichment, with correlation observed between the first PC slope and regional atmospheric 115 

circulation. PC-inferred isotope enrichment of individual lakes, however, was determined to have 116 

been too complex to extract a specific hydroclimate signal. Yet paleoclimate studies typically 117 

rely on reconstruction of 18O or 2H from just one or two lakes. A gap remains in our 118 

understanding of the magnitude of influence of the primary processes that determine 18O and 119 

2H values in a single lake within the Kangerlussuaq region.  120 

We report measurements of 18O and 2H from 140 lakes near Kangerlussuaq Fjord 121 

sampled during summers of 2016 and 2018. The data revealed additional constraints on the 122 

spatial and inter-annual variability of precipitation- and glacial-meltwater-fed lake water isotopic 123 

compositions in the region. Sampled lakes were distributed along a transect between the coast 124 

and ice sheet, providing a gradient that included precipitation-dominated coastal lakes and 125 

evapo-concentrated inland lakes. Our publicly available dataset (www.waterisotopes.org, project 126 

ID 00256) contributes to a growing body of lake water isotope data from this region.  127 

To determine the sensitivity of lake water isotopes to changes in precipitation isotopes 128 

and P-E across different hydroclimate conditions, we calculated source water 18O of lake waters 129 

(I) using a recently developed Bayesian source water attribution method and quantified 130 

evaporation-to-inflow ratios (E/I) using a modified Craig-Gordon model (Bowen et al. 2018; 131 

Gibson et al. 2016). Inflow and lake water evaporation independently drive variations of > 10‰ 132 



 8 

in lake water 18O within the study region, and provide support for the observation of Leng and 133 

Anderson (2003) that the predominant hydrological control on isotope values in lakes shifts from 134 

inflow to evaporation between the coast and the ice margin. Although the isotope values of most 135 

lakes demonstrate sensitivity to both hydrological processes, we propose that the presence of 136 

some lakes with strongly evaporation-sensitive and others with inflow-sensitive isotopic 137 

compositions on local scales suggests that hydrologic-endmember lakes within this and other 138 

Arctic regions can provide complementary paleoclimate reconstructions, reflecting either P-E 139 

balance or seasonally-specific precipitation isotopes. 140 

 141 

Study region 142 

 143 

The study area spans the most expansive ice-free margin of Greenland, approximately 180 km 144 

between the western margin of the Greenland Ice Sheet and the Labrador Sea, from 66.6°N to 145 

67.5°N (Fig. 1). The ice sheet retreated from the coast ca. 10,000 years BP and shaped the 146 

region’s underlying low-relief granodioritic gneiss bedrock, nearing its present margin ca. 2,000 147 

cal years BP (Lesnek et al. in press). Kangerlussuaq Fjord, located in the central study area, is 148 

one of several fjords that dissect the region and drain ice sheet meltwater into Davis Strait. Lakes 149 

cover approximately 20% of the surface in a combination of large fjord-lake systems, small 150 

glacial-scoured basins, and shallow meltwater pools (Anderson et al. 1999). 151 

Three stations within the study region record hourly temperature and relative humidity, 152 

documenting a strong hydroclimate gradient between the coast and ice sheet (Cappelen 2017; 153 

Smeets et al. 2018) (Fig. 2). Proximity to Davis Strait stabilizes temperatures along the coast, 154 

where temperature seasonality is muted relative to locations near the ice margin (Fig. 2A). 155 
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Easterly katabatic winds drive cold, dry, 18O- and 2H-depleted atmospheric moisture from the ice 156 

sheet towards the coast, whereas sea breezes bring warmer, 18O- and 2H-enriched moisture inland 157 

(Kopec et al. 2014). Local evaporation of lake water and fjords drives small-scale variation in 158 

relative humidity and atmosphere water vapor isotope compositions (Feng et al. 2016). A 159 

preliminary hydrological survey by Hasholt and Søgaard (1978) mapped a boundary between 160 

positive and negative moisture balance (P-E) near 52°W (Fig. 1). Dwarf-shrub tundra 161 

communities vary from moist heath vegetation near the coast to sparse vegetation inland, 162 

reflecting decreased moisture availability with increasing distance from the coast (Leng and 163 

Anderson 2003). Significant differences in precipitation amount between coastal and inland sites 164 

are observed in fall and winter (Fig. 2E), and a large difference in relative humidity between sites 165 

(~25%), occurs in summer (Fig. 2B). Summer 2018 was more humid than summer 2016 by an 166 

average of 5% within the Fjord and Ice Margin Regions (NOAA 2018). Several precipitation 167 

events occurred during the period of 2018 sampling, but none occurred during the period of 2016 168 

sampling. 169 

Lakes in the region are ice-free only June through August or September (Anderson and 170 

Brodersen 2001). Continuous permafrost limits subsurface hydrologic flow to a thin active layer 171 

that ranges from 0.15 to 5 m depth between Kangerlussuaq and the ice sheet, and geochemical 172 

evidence suggests that groundwater-surface water interactions have little influence on lake 173 

chemistry (Van Tatenhove and Olesen 1994; Johansson et al. 2015; Henkemans et al. 2018). 174 

Thus, permafrost and sub-surface inflow are likely minor sources of inflow to lakes in this 175 

region. Surface inflow is sourced from a combination of precipitation and glacial meltwater. 176 

Proglacial lakes that receive inflow from glacial meltwater can be distinguished by the presence 177 

of glacial flour in the water column. We refer to lakes that receive only precipitation input as 178 
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non-glacial. Sampled non-glacial lakes were divided into four equal longitudinal zones, each 179 

0.92° wide, which represent Coastal, Intermediate, Fjord, and Ice Margin sub-regions (Fig. 1). 180 

 181 

Regional Isotopic setting 182 

 183 

The global average relationship between 18O and 2H of precipitation is described by the Global 184 

Meteoric Water Line (GMWL), 2H=8*18O+10 (Craig 1961) (Fig. 3A). The isotopic 185 

composition of precipitation may deviate from the GMWL because of local moisture source and 186 

transport conditions, resulting in a distinct local meteoric water line (LMWL) (Gat 2000). Two 187 

coastal sites in western Greenland have been monitored as part of the Global Network of 188 

Isotopes in Precipitation (GNIP): Thule (76.52ºN, 68.83ºW) approximately 1300 km north of the 189 

study area and Kangilinnguit (61.22ºN, 48.12ºW), approximately 700 km south of the study area 190 

(IAEA/WMO 2018). These sites yield LMWLs with the equations 2H=7.33*18O-7.14 and 191 

2H=6.42*18O-15.43, respectively, with the Thule LMWL 18O- and 2H-depleted relative to the 192 

Kangilinnguit LMWL. Summer rain (n=4) and spring snowpack (n=6) sampled within the study 193 

area (Two Boat Lake Catchment (TBL): 67.13ºN, 50.18ºW) produced a LMWL with the 194 

equation 2H=6.27*18O-19.22, overlapping the ranges of the Thule and Kangilinnguit LMWLs 195 

(Lindborg et al. 2016) (Fig. 3A). Comparison of rain and snowpack LMWL end-members 196 

indicates substantial seasonality in precipitation 18O and 2H in the Kangerlussuaq region, 197 

supported by OIPC-interpolated monthly precipitation, which demonstrates strong seasonal 198 

cycles in precipitation 18O and d-excess (Bowen 2018) (Figs. 2C, 2D). 199 

 200 

Materials and methods 201 
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 202 

Sampling and analytical methods 203 

 204 

Lake water samples were collected in the summers of 2016 and 2018, with partial overlap in the 205 

lakes sampled. Single samples were collected from 89 lakes during a three-week period in July 206 

and August 2016, and 63 lakes within a three-week period in July and August 2018 (Fig. 1). No 207 

relationship is observed between sampling date and measured 18O or 2H (Electronic 208 

Supplementary Material [ESM] Figs. S1 and S2). Samples were, however, collected near the end 209 

of the ice-free season, and therefore likely represent maximum seasonal evaporative 18O 210 

enrichment. 211 

Near-surface lake water samples were collected from the shoreline or from a boat in each 212 

lake, stored in 4-mL glass vials or 50-mL centrifuge tubes with no headspace, and sealed with 213 

Parafilm to prevent evaporation during transport. Samples were collected approximately 5 to 10 214 

cm below the lake surface and should not contain evaporatively 18O- and 2H-enriched water from 215 

near the water-air interface (Horita et al. 2008). Bottom-water samples were collected from 216 

above sediment-water interface of cores taken from 8 lakes in 2016. Prior to analysis, water 217 

samples were filtered using 0.2-µm PTFE filters.  218 

For samples collected in 2016, 18O and 2H were measured on a Picarro L2130-i Water 219 

Isotope Analyzer at the University of Massachusetts-Amherst Stable Isotope Laboratory. 220 

Reported analytical uncertainties were 0.08‰ and 0.51‰ for 18O and 2H, respectively, based 221 

on the standard deviation of replicate measurements. A correction was applied to account for 222 

long-term instrument drift, with uncertainties of 0.15‰ and 1.0‰ for 18O and 2H, respectively. 223 
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For samples collected in 2018, 18O and 2H were measured on a Picarro L2130-i at the 224 

University at Buffalo Organic and Stable Isotope Biogeochemistry Laboratory. Samples were 225 

measured five times, with the first two measurements discarded. Reported values are the mean of 226 

the last three measurements, calibrated to the VSMOW scale using a suite of secondary 227 

standards prepared in-house. The secondary standards span a range of –40.1 to +12.41‰ 18O 228 

and –321.2 to 21.4‰ 2H, as calibrated by primary standards (GISP, VSMOW2, and SLAP2) 229 

from the International Atomic Energy Agency (IAEA). A memory correction was determined 230 

and applied for each sequence (van Geldern and Barth 2012). Average standard deviations of 231 

replicate measurements were 0.02‰ and 0.08‰ for 18O and 2H, respectively.  232 

Isotope ratios are reported in per mil (‰) relative to Vienna Standard Mean Ocean Water 233 

(VSMOW), where =1000*((Rsample/RVSMOW)-1) and R is 18O/16O or 2H/1H. Deuterium-excess 234 

(d-excess) was calculated as d-excess=2H-8*18O (Dansgaard 1964). 18O and 2H strongly 235 

correlate for proglacial (R2=0.99) and non-glacial (R2=0.91) lake samples. Hereafter, we 236 

primarily discuss 18O and d-excess, and trends in 2H can be assumed to follow 18O. 237 

 238 

Inference of inflow 18O 239 

 240 

In 18O-2H space, a precipitation-fed lake undergoing evaporation will evolve along a local 241 

evaporation line (LEL), deviating from its starting isotopic composition along the MWL (Gat 242 

1996). Thus, 18O and 2H of source water entering an evapo-concentrated lake may be 243 

calculated from the LEL-MWL intersection, given the MWL and LEL slopes (Gonfiantini 1986). 244 

As predicted by the Craig-Gordon model, an LEL slope depends on the conditions that influence 245 

kinetic fractionation during evaporation, primarily relative humidity and atmospheric vapor 18O 246 
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and 2H (A) (Craig and Gordon 1965). Regional LELs are commonly estimated as linear 247 

regressions of 18O and 2H measurements from several lake waters within a region (Clark and 248 

Fritz 1997). This approach assumes that all lake waters within a region begin with the same 249 

isotopic composition, and all variation in lake water isotopic compositions is a consequence of 250 

evaporative 18O and 2H enrichment (Bowen et al. 2018). These assumptions, however, are rarely 251 

valid among lakes in a region, especially where strongly seasonal precipitation 18O and 2H 252 

values drive variations in inflow 18O and 2H throughout the year. Consequently, source water 253 

18O and 2H values and their uncertainties, inferred from the regional LEL-MWL intersection, 254 

may be erroneous, in this study region and throughout much of the Arctic. 255 

We applied a Bayesian ‘MWL source implementation’ method developed by Bowen et 256 

al. (2018) to estimate the isotope composition of source waters to evapo-concentrated, non-257 

glacial lakes. The method incorporates uncertainty in the MWL and LEL, providing a more 258 

rigorous estimate of source water uncertainty. Briefly, a prior distribution of possible source 259 

water 18O and 2H values is generated from an MWL. The relative conditional probabilities of 260 

iterative draws from the prior distribution are calculated with the following steps: 1) a source 261 

water value is drawn from the prior distribution, 2) the slope of the LEL between the observed 262 

lake water value and drawn source water value is calculated, 3) the conditional probability of this 263 

hypothesized LEL slope is calculated given a probability density distribution defined as the true 264 

LEL slope. Source water draws are saved in proportion to their conditional probability as a 265 

posterior distribution from which median source water 18O and uncertainty intervals are 266 

calculated. 267 

To apply the ‘MWL source implementation’ method, we supply an MWL and confidence 268 

interval, an estimated LEL and confidence interval, lake water 18O and 2H with uncertainty 269 
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and covariance, and the number of iterations. Given the similarity between the LMWL and the 270 

GMWL and the small number of samples on which the LMWL is based, we employ the GMWL. 271 

We supply mean LEL slopes as calculated for three sub-regions defined across the study area 272 

across all years for which there is published data (excluding the anomalously steep 2018 Ice 273 

Margin slope), and a standard confidence interval of 0.5. Average LEL slopes are 4.39 for the Ice 274 

Margin sub-region, 3.94 for the Fjord sub-region, and 4.53 for the Intermediate sub-region. We 275 

acknowledge that mean LEL slopes likely reflect maximum values and may underestimate 276 

source water values (Bowen et al. 2018). Even so, average LEL slopes (~4) agree with 277 

theoretical ice-free LEL slopes as modeled in Gibson et al. (2008), meaning that these are likely 278 

a robust starting estimate. Lake water input 18O and 2H are measured sample values with 279 

analytical error, and covariance prescribed as 0.95. 10,000 iterations are employed per lake. 280 

Median posterior values are reported with the 90% confidence interval. 281 

The Bayesian method was applied to all sampled non-glacial lakes except those in the 282 

Coast sub-region, which are not measurably affected by evaporative 18O enrichment and are 283 

assumed to have values equivalent to unevaporated inflow values. We refer to assumed inflow 284 

from the Coast sub-region lakes and Bayesian modeled inflow for all other sub-regions as 285 

inferred inflow 18O (I). 286 

 287 

Quantification of evaporation 18O enrichment and E/I 288 

 289 

A modified Craig-Gordon model was employed to calculate the fraction of evaporative loss 290 

relative to inflow (E/I) for all evapo-concentrated non-glacial lakes, as formulated in Gibson et 291 

al. (2016). Although shallow Arctic lakes are characterized by transient hydrological conditions, 292 
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steady-state models may be used to legitimately estimate long-term (i.e. approximately annual) 293 

evaporation and outflow in Arctic regions (Gibson 2002). 294 

Assuming hydrological steady-state, the water mass balance and isotope mass balance of 295 

an evaporating lake may be described by: 296 

 297 

𝐼𝐿 = 𝑄𝐿 + 𝐸𝐿            [Eq. 1] 298 

 299 

𝐼𝐿𝛿𝐼 = 𝑄𝐿𝛿𝑄 + 𝐸𝐿𝛿𝐸          [Eq. 2] 300 

 301 

where IL is combined surface and subsurface inflow flux, QL is combined surface and subsurface 302 

outflow flux, and EL is lake evaporation flux. I, Q, and E are the 18O or 2H values of 303 

inflow, outflow, and evaporative flux, respectively. 304 

Assuming Q is equivalent to lake water 18O or 2H (L) and substituting QL = IL-EL, 305 

the ratio of inflow to outflow is provided by: 306 

 307 

𝐸𝐿

𝐼𝐿
=

𝛿𝐼−𝛿𝐿

𝛿𝐸−𝛿𝐿
           [Eq. 3] 308 

 309 

As implemented here, L is measured lake water 18O or 2H and I is inferred inflow 310 

18O or 2H. E is calculated following the standard approach developed in the Craig-Gordon 311 

model, assuming negligible resistance to mixing in the liquid phase (Gat 1995). 312 

 313 

𝛿𝐸 =
𝛼∗𝛿𝐿−ℎ∗𝛿𝐴−

1−ℎ+10−3 𝐾
           [Eq. 4] 314 

 315 



 16 

 is the equilibrium liquid-vapor isotope fractionation (*=1+*), h is the atmospheric relative 316 

humidity presented in decimal form, A is 18O or 2H of atmospheric moisture, andis the total 317 

isotopic separation factor, comprised of equilibrium () and kinetic (K) components (). 318 

Gat (1995) determined K empirically according to equation 5, with a dependence on relative 319 

humidity with a kinetic fractionation constant (CK) of 14.2‰ for 18O or 12.5‰ for 2H 320 

(Gonfiantini 1986). 321 

 322 

휀𝐾 = (1 − ℎ) ∗ 𝐶𝐾          [Eq. 5] 323 

 324 

has been determined empirically by Horita and Wesolowski (1994), according to equation 6 325 

for 18O and equation 7 for 2H, where T is the interface temperature (K), here assumed to be 326 

average summer air temperature. A is assumed to be in equilibrium with ice-free season 327 

precipitation 18O or 2H, calculated as the amount-weighted average of the monthly OIPC 328 

estimates retrieved at each lake coordinate (Bowen 2018). Ice-free-season relative humidity and 329 

temperature for 2016 and 2018 were retrieved from the Sisimiut, Kangerlussuaq, and TBL 330 

meteorological stations (NOAA 2018; Smeets et al. 2018) (Table S1). Values from the closest 331 

meteorological station were applied for each lake. 332 

 333 

ε∗ ≈ 103 ln α( O) = −7.685 + 6.7123 (
103

T
) − 1.6664 (

106

T2
) + 0.35041 (

109

T3
)18   [Eq. 6] 334 

 335 
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ε∗ ≈336 

103 ln α( H) = 1158.8 ∗ (
T3

109
) − 1620.1 (

T2

10−6
) + 794.84 (

T

103
) − 161.04 + 2.9992 (

109

T3
)2  337 

            [Eq. 7] 338 

 339 

Given that all Coast sub-region samples fall along MWLs (Fig. 3B) and the assumption 340 

that lake water 18O and 2H of these lakes are equivalent to inflow 18O and 2H, these lakes are 341 

assigned E/I values of 0. A small amount of evaporative 18O enrichment may impact measured 342 

lake water 18O and 2H values and true E/I may be marginally greater than 0. 343 

The sensitivity of E/I to primary input parameters (L, I, A, T, and h in the 18O 344 

formulation) is quantified under Coast/Intermediate, Fjord, and Ice Margin conditions. E/I values 345 

are iteratively calculated, varying a single parameter across a range of values representative of 346 

uncertainty intervals and interannual variations, with all other parameters held constant at 347 

average sub-regional values (Table S2). L is varied over the range of non-glacial water samples. 348 

I is varied over the average range of maximum monthly precipitation values, which is 349 

overlapping and larger than the variation in inferred I. A is varied by 10‰, similar to the range 350 

observed in Kangerlussuaq over a 25-day period in summer 2011 (Kopec et al. 2014). 351 

Temperature and relative humidity are varied across two standard deviations of ice-free season 352 

averages from 1950-2018. 353 

 354 

Results 355 

 356 

Lake water isotopic composition 357 

 358 
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Measured lake waters exhibit a broad range of isotopic compositions (Fig. 3A). In 2016, 18O 359 

and 2H of 82 non-glacial lake waters ranged from –17.76 to –1.54‰ and –146.45 to –71.55‰, 360 

with median values of –11.10±3.80‰ and –104.59±15.40, respectively (uncertainty reported as 361 

one standard deviation). d-excess of these samples ranged from –59.25 to +4.39‰, with a 362 

median of –19.64±16.45‰. In 2018, 18O and 2H of 61 non-glacial lake waters varied from –363 

19.28 to –8.16‰ and –142.62 to –89.64‰, with median values of –13.22±2.45‰ and –364 

114.61±15.07, respectively. d-excess of these samples ranged from –30.17 to +14.55‰, with a 365 

median of 1.02±14.27‰. Comparison of surface and bottom water samples from four non-366 

glacial lakes sampled in 2016 indicates that lakes were well-mixed, with surface waters an 367 

average of 0.88‰ 18O and 2.26‰ 2H enriched relative to bottom waters. In 2016, non-glacial 368 

lake waters exhibited a strongly significant (p<0.01) trend toward more 18O-enriched values 369 

moving inland, though the same trend is not apparent among samples from 2018 (Fig. 4A). In 370 

both years, non-glacial lakes demonstrate significant (p<0.0001) decreases in d-excess moving 371 

eastward from the coast (Fig. 4B). 372 

Non-glacial lakes sampled in both years exhibit coherent variations (Table S4). 373 

Generally, Intermediate sub-region samples from 2018 are slightly 18O-depleted and have higher 374 

d-excess relative to samples collected in 2016 from the same lakes (Fig. 3C), with an average 375 

offset (2018 minus 2016) of –0.80‰ for 18O and +3.61‰ for d-excess. Resampled lakes within 376 

the Ice Margin sub-region are more strongly 18O-depleted in 2018 relative to 2016, by an average 377 

of –3.70‰, accompanied by an average increase in d-excess of 12.97‰ (Fig. 3D). 378 

18O and 2H of proglacial lakes sampled in 2016 (n=7), ranged from –31.64 to –21.13‰ 379 

and –252.49 to –167.84‰, with median values of –27.63±3.38‰ and –218.70±30, respectively 380 

(Fig. 3A). Proglacial lake d-excess ranged from –2.16 to +4.38‰, with a median of 2.34±2.29‰. 381 
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Two proglacial lake water samples were collected in 2018, with 18O and 2H values of –382 

26.89‰ and –27.92‰, and –207.23 and -217.77, and d-excess of 7.90‰ and 5.60‰, 383 

respectively. Surface waters of proglacial lakes were on average 0.68‰ 18O and 0.98‰ 2H 384 

enriched relative to bottom waters, based on four proglacial lakes sampled in 2016. The lower 385 

bound of proglacial lake δ18O is consistent with values in ice cores retrieved from the ice sheet 386 

margin near Kangerlussuaq, which record mean δ18O values of approximately –28‰ and –34‰ 387 

for ice dated to the early Holocene and Last Glacial Maximum, respectively (Reeh et al. 2002). 388 

The upper bound of proglacial lake δ18O variation overlaps with snowpack samples collected 389 

near the ice margin (Lindborg et al. 2016). Proglacial lake δ18O measured in both years exhibits a 390 

steep trend towards 18O depletion with decreasing distance from the ice margin (Fig. 4A). 391 

Proglacial lake d-excess, however, demonstrates no correlation with longitude, varying by less 392 

than 5‰ around the median (Fig. 4B). The westward increase in proglacial lake water δ18O, with 393 

little change in d-excess, reflects a progressive decrease in the fraction of inflow sourced from 394 

ice sheet meltwater relative to precipitation, with little influence of evaporation because of high 395 

throughflow. Hereafter, we focus on non-glacial lake waters for their relevance to inferring past 396 

precipitation isotope values and P-E. 397 

 398 

Inferred inflow 18O 399 

 400 

Applying the conventional LEL-MWL intersection method for estimating source water 18O 401 

yields average values of –17.15‰ (2016) and –17.83‰ (2018) for all non-glacial lakes. 402 

Calculation based on sub-regional LELs resolves progressive 18O depletion moving inland, by 403 

10.10‰ (2016) and 6.05‰ (2018) (Fig. 3B-D, Table S3). Bayesian inflow modeling yields 404 
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similar values, while highlighting the potential for significant variation at finer spatial resolution. 405 

I ranged from –23.0 to –11.8‰ in 2016, and –22.9 to –12.4‰ in 2018, with similar median 406 

values of –18.0±1.8‰ (2016) and –19.2±3.1‰ (2018) (Fig. 4C, 5). 90% confidence intervals on 407 

I range from ±1.8 to 5.3‰, averaging ±3.3‰. I decreased significantly moving inland 408 

(p<0.001) for 2016 and 2018, and no significant changes were modeled in I for lakes sampled 409 

in both years (Fig. 4C, Table S4).  410 

Measurements of channelized inflow 18O from three lakes agree with inferred values. 411 

For one Coast sub-region lake, where inflow is assumed equivalent to lake water, measured lake 412 

water 18O (–13.4±0.1‰) was similar to the values of the major (–13.0±0.1‰) and secondary 413 

inflows (–13.3±0.1‰) in 2018. Measured channelized inflow values from two lakes in the 414 

Intermediate sub-region fall within uncertainty ranges of modeled inflow, but as instantaneous 415 

samples, were summer-biased in comparison to modeled inflow values which represent the 416 

average value for water retained in the lake basin. For the first lake with measured L of –417 

17.0±0.1‰, inflow was modeled as –19.3±2.4‰ in comparison to measured July inflow of –418 

17.3±0.1‰ in July 2018. For the second lake with measured L of -16.6±0.1‰, inflow was 419 

modeled as 18O of –19.2±2.7‰ in comparison to measured July inflow of –16.5±0.1‰. Most I 420 

estimates fall within the mean annual range of average monthly precipitation 18O from the 421 

OIPC (Bowen 2018) (Fig. 5). We note, however, that this precipitation range does not capture 422 

interannual or sub-monthly variations in precipitation 18O, and may underestimate variability of 423 

precipitation 18O on timescales relevant to I. 424 

 425 

Evaporation to inflow ratios 426 

 427 
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We calculated median E/I values of 0.50±0.32 for 2016 and 0.15±0.28 for 2018 (Fig. 6). E/I 428 

increased significantly with longitude in both years (p<0.001) (Fig 4D). Several (n=15) lakes, 429 

concentrated in the Fjord sub-region, yielded E/I values greater than 1.0, indicating desiccating 430 

conditions. For lakes sampled in both years, lower or consistent E/I was observed in 2018 431 

compared to 2016 (Table S4). For resampled lakes in the Ice Margin sub-region, calculated E/I 432 

values were lower by an average of –0.77 in 2018 relative to 2016. In 2016, E/I > 1 indicated 433 

desiccating conditions for three of these lakes. In 2018, no lakes were desiccating, with values 434 

between 0.59 and 0.92. Resampled lakes in the Intermediate sub-region displayed smaller 435 

changes in E/I between years, with values reduced by an average of –0.06 in 2018 relative to 436 

2016. 437 

One lake sampled in 2016 with exceptionally low d-excess yielded negative E/I, 438 

indicating that the observed lake water was more enriched than the modeled limiting lake water 439 

isotopic composition, which in turn suggests that the parameters in this model do not adequately 440 

characterize this strongly evapo-concentrated lake. Field observations are consistent with the 441 

interpretation of these lakes as being in non-steady state, given the presence of lowered 442 

shorelines, on seasonal and longer timescales (Aebly and Fritz 2009; Law et al. 2018). 443 

E/I ranged by more than 0.6 for lakes with similar measured 18O, with scatter driven by 444 

variations in both I and climatological variables (Fig. S3A). Among lakes from the same sub-445 

region, and therefore modeled with the same climatological inputs, E/I of lakes with similar L 446 

varied by approximately 0.3, solely in response to differences in I. This scatter was reduced 447 

when controlling for the influence of variable I (Fig. S3B).  448 

Testing the sensitivity of E/I to changes in L illustrates the non-linear relationship 449 

between the two variables (Fig. 7A). Large increases in E/I result from substantial increases of 450 
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L, as expected. Yet, E/I is relatively insensitive to small positive changes (< 5‰) and large 451 

negative changes (up to –10‰) in L. The Coast/Intermediate sub-region demonstrates the 452 

smallest variations in E/I of < 0.10 for ∆L of 2.5‰ and less, including values 10‰ lower than 453 

baseline. However, E/I increased by +2.39 at ∆L=+5‰ and decreased by –0.11 at ∆L =+10‰, 454 

demonstrating threshold behavior as L approaches and surpasses the modeled limiting isotopic 455 

composition. 456 

Sensitivity testing demonstrates the importance of appropriately characterizing input 457 

isotope values for accurate calculation of E/I. Variations in I produce approximately equivalent 458 

and symmetric changes for each sub-region (Fig. 7B). Deviations of ±5‰ in I result in E/I 459 

variations of ±0.30, with lower I resulting in higher E/I. E/I exhibits a strong asymmetric 460 

sensitivity to A among sub-regions, with underestimation of A by –5‰ driving increases of 461 

E/I greater than 0.40 in all sub-regions (Fig. 7C). E/I results are relatively insensitive to changes 462 

in temperature employed in the calculation of fractionation factors, with variation over a range 463 

representative of interannual variation in summer temperatures (±5 K) producing changes in E/I 464 

of less than ±0.05 (Fig. 7D). Relative humidity exerts a slightly stronger control, with increases 465 

in relative humidity of up to 10% driving changes in E/I of up to 0.25 (Fig. 7E).  466 

E/I values demonstrate minor offsets when calculated from 2H rather than 18O, which 467 

become larger at higher E/I, indicating additional uncertainty in these calculations that is not 468 

addressed by these sensitivity tests (Fig. S4). These differences may stem from uncertainties in 469 

I or A given poor constraint of the LMWL, as physically, E/I must be equivalent (Yi et al. 470 

2008). Spatial trends in E/I, however, and the relative variability between E/I and I do not differ 471 

substantially between the two estimations. Thus, these particular uncertainties in E/I values do 472 

not alter our interpretations. 473 
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 474 

Discussion 475 

 476 

We assessed the sensitivity of modern western Greenland lake water 18O to variability in inflow 477 

isotope composition and evaporation, analogous to variability in paleo-proxy interpretations of 478 

precipitation isotopes and P-E. To resolve the sensitivity of lake water 18O and 2H to these two 479 

controls along an aridity gradient, we quantified variability in I and E/I. Results of this 480 

modeling support the following conclusions, hereafter discussed in greater detail: (1) Regional-481 

scale lake water isotope variability may be broadly classified as inflow- or evaporation-sensitive, 482 

(2) both I and E/I vary in response to regional P-E, indicating persistent influence despite 483 

dominant inflow- or evaporation-sensitive patterns, (3) catchment hydrology drives local 484 

variability in I and E/I sensitivity, and (4) proximal, but hydrologically distinct lakes may yield 485 

complementary paleoclimate records that are dominantly inflow- or evaporation-sensitive. 486 

 487 

Inflow- and evaporation-sensitive variability 488 

 489 

Two modes of variation in 18O-2H space characterize lake water isotopes across our study 490 

area, reflecting patterns associated with changes in inflow or evaporation. ‘Inflow-sensitive’ lake 491 

water isotope values vary parallel to MWLs in 2H-18O space, exhibiting changes in 18O 492 

independent of changes in d-excess, with no evidence for evapo-concentration (Fig 3). 493 

Conceptually, isotopic variations in ‘inflow-sensitive’ lake waters are primarily determined by 494 

lake water residence time, which determines the time frame over which precipitation-derived 495 

inflow is integrated (Jonsson et al. 2009). A second subset of lakes is characterized by 18O 496 
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enrichment associated with strongly declining d-excess, plotting off MWLs along LELs in 2H-497 

18O space. We refer to these lakes as ‘evaporation-sensitive,’ specifically when 18O enrichment 498 

and d-excess decreases exceed the magnitude of seasonal variability in precipitation 18O and d-499 

excess, implicating modification of lake waters by evaporation. This threshold corresponds to an 500 

E/I of approximately 0.5 and coincides with the geographic boundary between positive and 501 

negative P-E (Figs. 2, S4B, S4C). Generally, Coast and Intermediate sub-region lakes exhibit 502 

inflow-sensitivity, and Fjord and Ice Margin sub-region lakes exhibit evaporation-sensitivity. 503 

Although there is an apparent threshold between inflow- and evaporation-sensitive behavior, 504 

trends in I and E/I impact lakes across the study area, indicating persistent influence of both in 505 

all lakes. 506 

 507 

Regional-scale patterns in inflow and evaporation determined by P-E 508 

 509 

Deconvolving variability in lake water isotopes caused by I and E/I across our study area 510 

enables determination of the impacts of I and E/I on lakes for which they are not the dominant 511 

controls. Trends in I span the entire study area (Fig. 4C), indicating that I variations influence 512 

lake water isotope values even where these signals are overprinted by evaporative 18O 513 

enrichment. For both sampling years, I declined by approximately 11‰ between the coast and 514 

ice margin (Fig. 5). Eastward depletion of I may reflect progressive Rayleigh Distillation during 515 

inland moisture transport (Dansgaard 1964). OIPC-modeled amount-weighted mean annual 516 

precipitation 18O (P), however, declines by only 5.1‰ across the same transect (Fig. 5) 517 

(Bowen 2018). The discrepancy in the ranges of I and mean annual P suggests that I 518 
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variations are the result of catchment-scale hydrological processes rather than differences in 519 

mean annual P values. 520 

Biases in the seasonality of precipitation integrated by lake waters may exaggerate the 521 

longitudinal trend in I relative to P. Comparison of I to P suggests a shifting tendency from 522 

summer-biased inflow at the coast to winter-biased inflow inland (Fig. 5). I of Coast sub-region 523 

lakes falls within or above the range of summer P, whereas I of Intermediate sub-region lakes 524 

approximates mean annual P, and I falls within the range of winter P for most Fjord and Ice 525 

Margin sub-region lakes. The observed regional-scale trend in inflow seasonality is likely a 526 

response to the seasonality of the aridity gradient (Fig. 2). Although all lakes within the study 527 

area likely experience efficient recharge by snowpack melt in spring, inland lakes may receive a 528 

smaller fraction of summer precipitation because of lower relative humidity and higher 529 

catchment evapotranspiration (Bowen et al. 2018). The resulting winter bias in inland lake water 530 

isotope compositions occurs despite a greater fraction of annual precipitation falling during the 531 

summer months in these regions. The precipitation seasonality represented by I is determined 532 

by seasonal P-E balance, rather than seasonal precipitation amount alone. 533 

E/I increases significantly between the coast and ice margin, associated with 18O 534 

enrichments in L from 0 to 19.97‰ (Fig. 4D, S3B). This trend is consistent with the strong 535 

difference in ice-free-season relative humidity between the Coast and Fjord/Ice Margin sub-536 

regions, and may be exaggerated by seasonal temperature differences (Fig. 2). Earliest ice melt 537 

in western Greenland is typically observed near the head of Kangerlussuaq Fjord in mid-June, 538 

whereas relatively cool coastal summers promote the persistence of fog banks, reducing radiation 539 

and substantially delaying ice-out in coastal lakes by multiple weeks (Anderson and Broderson 540 

2001). Therefore, inland sites are biased towards a longer duration of evaporation, which, 541 
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coupled with lower relative humidity, results in enhanced evaporative 18O enrichment relative to 542 

coastal lakes.  543 

 544 

Local variability in I and E/I determined by catchment hydrology 545 

 546 

In addition to trends spanning the entire study area, I varied by an average of 4.0‰ among 547 

lakes of the same sub-region (Fig. 5). Catchment-scale variations in I are likely controlled by 548 

residence time, a function of lake basin volume and inflow volume, dependent on catchment area 549 

and precipitation amount (Jonsson et al. 2009). Small lakes with higher throughflow and shorter 550 

residence times will reflect short-term precipitation seasonality closely, whereas larger lakes with 551 

low throughflow and long residence time integrate longer-term precipitation seasonality (Gibson 552 

et al. 2002; Leng and Anderson 2003). Other factors contributing to local variations in I include 553 

hydrologic connectivity between lakes and their surrounding catchments. For example, in low-554 

relief catchments, meltwater may form patchy vernal pools that may refreeze temporarily until 555 

the uppermost soil thaws, reducing or delaying snowmelt delivery to lakes (Johansson et al. 556 

2015; Lindborg et al. 2016).   557 

Intermediate, Fjord, and Ice Margin sub-regions all include lakes with variable E/I 558 

ranging from < 0.5 to > 1.0 (Fig. 6). Within these sub-regions, 18O enrichment relative to I 559 

(∆L) ranges by an average of 8.96‰. A maximum range of ∆L is observed among sampled Ice 560 

Margin sub-region lakes, from 5.94 to 19.97‰. As with I, residence time is likely a primary 561 

control on local variations in ∆L and E/I. Lakes with short residence times will flush faster than 562 

the build-up of evaporative signals, whereas lakes with comparatively long residence times may 563 

develop signals of 18O enrichment over months to years. The sensitivity of a lake to the 564 
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development of interannual evaporative signals is likely controlled by the efficacy with which 565 

spring melt flushes lake waters, which depends on the magnitude of snowmelt inflow relative to 566 

lake volume. Leng and Anderson (2003) hypothesized that small lakes with relatively large 567 

catchments are most likely to be ‘reset’ by snowmelt each spring, receiving the greatest flux of 568 

spring melt relative to lake volume. Because significantly more winter precipitation falls at the 569 

coast than inland, Coast sub-region lakes are more likely to be fully ‘reset’ during the spring melt 570 

period than are inland lakes (Fig. 2E). Seasonal inflow amount thus modulates sensitivity to E/I 571 

in lakes with residence times longer than a single ice-free season. Hence, variations in inflow 572 

amount, and by extension isotopic composition, underlie evaporation-sensitive lake waters, 573 

despite emerging only as the dominant control when not overprinted by evaporation.  574 

 575 

Implications for paleoclimate studies 576 

 577 

Although interpretation of a lake water isotope proxy record in terms of either P-E (E/I) or 578 

precipitation isotopes (I) is standard, a major assumption is that the primary control on L (and 579 

sensitivity to the control) remained consistent over the length of the record. Here, spatial patterns 580 

of I and E/I in lakes across a modern aridity gradient illustrate that lake water sensitivity to 581 

isotopic controls fluctuates in response to hydroclimate, implying that controls on hydroclimate-582 

sensitive paleo-records may vary in response to the same hydroclimate changes that they aim to 583 

infer.  584 

I and E/I are both affected by residence time and therefore precipitation amount, and 585 

care must be taken to distinguish these effects in paleoclimate interpretations. For example, 586 

given a predominantly inflow-sensitive record, an increase in precipitation would decrease the 587 
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residence time of a lake, changing the representative seasonality of precipitation isotopes 588 

sampled by a proxy from the lake water. Alternatively, given a predominantly evaporation-589 

sensitive lake, an increase in precipitation amount may decrease the retention of interannual 18O-590 

enrichment signals, increasing the relative sensitivity to inflow variations. Caution should be 591 

taken to not interpret these changes as small-scale P-E variations. 592 

Even so, it may be possible to constrain past combined variations in evaporation and 593 

inflow. The use of proxy system models with a range of complexity will be key in moving 594 

beyond the interpretation of relative trends from lake water isotope proxy records (Dee et al. 595 

2018; Morrill et al. 2019). For example, a simple proxy system model of lake water residence 596 

time may yield constraints on impacts of I and E/I on an individual lake record. Given lake 597 

volume, catchment area, and monthly total precipitation and P, calculation of a lake’s residence 598 

time enables approximation of I under modern climate conditions and a first-order assessment 599 

of the lake system to reproduce reasonable paleoclimate data. Complex proxy system models 600 

such as PRYSM2.0 may incorporate modern climate data or paleoclimate model output, enabling 601 

sensitivity testing to determine which parameters most likely caused reconstructed isotope 602 

variations (Dee et al. 2018). Time slices from isotope-enabled climate models such as the GISS 603 

ModelE-R and ECHAM5 (Schmidt et al. 2007; Werner et al. 2011) may provide parameters 604 

required for isotope mass balance calculations for periods that lack observational data, enabling 605 

quantification of the relative magnitude of isotopic changes expected from E/I relative to I, and 606 

quantitative estimates of E/I.  607 

Proxy system model-based sensitivity testing may enable the identification of 608 

hydrologically distinct lakes within a region that demonstrate end-member evaporation-sensitive 609 

and inflow-sensitive isotopic variability. E/I varies from near 0 to > 1 within the Intermediate 610 
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and Fjord sub-regions, demonstrating the potential for strong differences in hydrologic 611 

sensitivity within a small region (Fig. 6). Downcore data from these end-member lakes may yield 612 

hydroclimate records that are comparatively evaporation- and inflow-sensitive. Furthermore, 613 

provided that variations in I primarily reflect variations in the integration of seasonal P, lakes 614 

with contrasting residence times in regions of high P-E may yield seasonally specific 615 

precipitation isotope records (i.e. summer precipitation vs. mean annual precipitation). Two 616 

windows of integration must be considered in the interpretation of inflow-sensitive paleoclimate 617 

records: the integration of precipitation isotopes in lake water and the integration of lake water in 618 

the proxy, and thus the representative precipitation isotope seasonality may differ from the 619 

seasonality of proxy growth. Among the minimally evapo-concentrated lakes of the Coast and 620 

Intermediate sub-regions, I for samples taken in the summer ranged from –21.86 to –11.81‰, 621 

comparable to the range in modeled monthly P. Therefore, lakes with different residence times 622 

within the same region may be targeted to provide downcore records with differing precipitation 623 

isotope seasonality, even if the seasonality of proxy growth is the same in both systems. Such 624 

resolved records are necessary to constrain paleo-variability of the seasonal mechanisms driving 625 

projected changes in the Arctic hydrological cycle. 626 
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Figure captions 868 

 869 

Fig. 1 A) Map of Greenland with study area in red box, and Thule (THU) and Kangilinnguit 870 

(KAN) GNIP stations (IAEA 2018). B) Study area with sampled proglacial lakes (white) and 871 

non-glacial lakes, with point color corresponding to sub-region and year as in Fig. 3. Locations 872 

of Kangerlussuaq (K), Sisimiut (S), and Two Boat Lake (T) weather stations (stars) are 873 

indicated.  The approximate boundary in effective precipitation (P-E) as identified by Hasholt 874 

and Søgaard (1978) is denoted by a dashed line, with positive P-E to the west and negative P-E 875 

to the east 876 

 877 

Fig. 2 Mean monthly temperature (A) and relative humidity (B) from 2014-2018 for 878 

Sisimiut/Coast (blue), Kangerlussuaq/Fjord (green), and Two Boat Lake Catchment/Ice Margin 879 

(yellow) (Cappelen 2017; Smeets et al. 2018). Vertical bars represent one standard deviation 880 

from the mean. C) OIPC-interpolated monthly precipitation 18O at meteorological station 881 

locations (Bowen 2018). Dashed lines represent amount-weighted mean annual precipitation 882 

18O at each site. Yellow Xs denote 18O of precipitation events sampled in the TBL catchment 883 

https://doi.org/10.1029/2011JD015681
https://doi.org/10.1016/j.jhydrol.2007.11.008
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during August 2014 (Lindborg et al. 2016). D) OIPC monthly precipitation d-excess at 884 

meteorological station locations and mean annual precipitation d-excess (dashed lines) (Bowen 885 

2018). Yellow Xs denote d-excess of precipitation events sampled in the TBL catchment during 886 

August 2014 (Lindborg et al. 2016). E) Monthly accumulated precipitation for Sisimiut and 887 

Kangerlussuaq from 2014-2018 (NOAA 2018). Dots indicate values for 2016 (light) and 2018 888 

(dark) 889 

 890 

Fig. 3 A)18O versus 2H for all lake water samples including non-glacial lake samples from 891 

2016 (light gray), non-glacial lake samples from 2018 (dark gray), and proglacial lake samples 892 

from both years (white), plotted against the global meteoric water line (GMWL, 893 

2H=8*18O+10) and local meteoric water lines (LMWLs) from Kangilinnguit (KAN, 894 

2H=6.42*18O-15.43), Two Boat Lake Catchment (TBL, 2H=6.27*18O-19.22) and Thule 895 

(THU, 2H=7.33*18O-7.14). 18O versus 2H for non-glacial samples from the Coast sub-region 896 

(A), Intermediate sub-region (B), Fjord sub-region (C), and Ice Margin sub-region (D). Local 897 

evaporation lines (LELs) are included in panels B-E from samples from this study (solid) and 898 

previous studies (dashed). Inset panels for the Intermediate and Ice Margin sub-regions show the 899 

relative positions in 18O-2H space of lakes sampled in both years 900 

 901 

Fig. 4 Spatial trends in measured and inferred parameters for non-glacial lakes in 2016 (light 902 

gray), non-glacial lakes in 2018 (dark gray), and proglacial lakes (2016 and 2018, white). A) 903 

Longitude vs. measured 18O. B) Longitude vs. d-excess. C) Longitude vs. I. D) Longitude vs. 904 

evaporation to inflow ratio (E/I). Values less than 0 and greater than 2.5 are cropped from plot, 905 
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but included in linear regression calculation. Asterisks indicate levels of significance determined 906 

from p values, where: * = p<0.05; ** = p<0.01; *** = p<0.001 907 

 908 

Fig. 5 Comparison of I of all non-glacial lakes along the longitudinal transect (colors as in Fig. 909 

1) and modeled weighted mean annual and monthly ranges in precipitation 18O from the Online 910 

Isotopes in Precipitation Calculator (OIPC; Bowen 2018). Yellow and blue bars represent the 911 

range between weighted mean annual and maximum and minimum monthly precipitation 18O 912 

retrieved for each lake coordinate. The grid resolution of OIPC is 5 arc-minutes, reflected in the 913 

stepwise changes of modeled precipitation 18O 914 

 915 

Fig. 6 Evaporation to inflow (E/I) ratios (colors as in Fig. 1). In all panels, E/I ratios less than 0 916 

or greater than 1 are assigned a value of 1. A) Measured lake water 18O vs. modeled 917 

evaporation to inflow (E/I) with average modeled monthly range in precipitation 18O for all 918 

lakes denoted by horizontal bar, with colors as in Fig. 5, (B) Boxplots of E/I values divided by 919 

sub-region and year 920 

 921 

Fig. 7 Sensitivity tests for evaporation to inflow ratios (E/I) for Coast/Intermediate, Fjord, and 922 

Ice Margin settings. The height of the bars indicates the magnitude of change on calculated E/I 923 

for each parameter as varied by the increments indicated by the key on the right, with all other 924 

parameters constant 925 
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	 546 
	In addition to trends spanning the entire study area, I varied by an average of 4.0‰ among 547 lakes of the same sub-region (Fig. 5). Catchment-scale variations in I are likely controlled by 548 residence time, a function of lake basin volume and inflow volume, dependent on catchment area 549 and precipitation amount (Jonsson et al. 2009). Small lakes with higher throughflow and shorter 550 residence times will reflect short-term precipitation seasonality closely, whereas larger lakes with 551 low through
	Intermediate, Fjord, and Ice Margin sub-regions all include lakes with variable E/I 558 ranging from < 0.5 to > 1.0 (Fig. 6). Within these sub-regions, 18O enrichment relative to I 559 (∆L) ranges by an average of 8.96‰. A maximum range of ∆L is observed among sampled Ice 560 Margin sub-region lakes, from 5.94 to 19.97‰. As with I, residence time is likely a primary 561 control on local variations in ∆L and E/I. Lakes with short residence times will flush faster than 562 the build-up of evaporative sig
	development of interannual evaporative signals is likely controlled by the efficacy with which 565 spring melt flushes lake waters, which depends on the magnitude of snowmelt inflow relative to 566 lake volume. Leng and Anderson (2003) hypothesized that small lakes with relatively large 567 catchments are most likely to be ‘reset’ by snowmelt each spring, receiving the greatest flux of 568 spring melt relative to lake volume. Because significantly more winter precipitation falls at the 569 coast than inland
	 575 
	Implications for paleoclimate studies 576 
	 577 
	Although interpretation of a lake water isotope proxy record in terms of either P-E (E/I) or 578 precipitation isotopes (I) is standard, a major assumption is that the primary control on L (and 579 sensitivity to the control) remained consistent over the length of the record. Here, spatial patterns 580 of I and E/I in lakes across a modern aridity gradient illustrate that lake water sensitivity to 581 isotopic controls fluctuates in response to hydroclimate, implying that controls on hydroclimate-582 sen
	I and E/I are both affected by residence time and therefore precipitation amount, and 585 care must be taken to distinguish these effects in paleoclimate interpretations. For example, 586 given a predominantly inflow-sensitive record, an increase in precipitation would decrease the 587 
	residence time of a lake, changing the representative seasonality of precipitation isotopes 588 sampled by a proxy from the lake water. Alternatively, given a predominantly evaporation-589 sensitive lake, an increase in precipitation amount may decrease the retention of interannual 18O-590 enrichment signals, increasing the relative sensitivity to inflow variations. Caution should be 591 taken to not interpret these changes as small-scale P-E variations. 592 
	Even so, it may be possible to constrain past combined variations in evaporation and 593 inflow. The use of proxy system models with a range of complexity will be key in moving 594 beyond the interpretation of relative trends from lake water isotope proxy records (Dee et al. 595 2018; Morrill et al. 2019). For example, a simple proxy system model of lake water residence 596 time may yield constraints on impacts of I and E/I on an individual lake record. Given lake 597 volume, catchment area, and monthly to
	Proxy system model-based sensitivity testing may enable the identification of 608 hydrologically distinct lakes within a region that demonstrate end-member evaporation-sensitive 609 and inflow-sensitive isotopic variability. E/I varies from near 0 to > 1 within the Intermediate 610 
	and Fjord sub-regions, demonstrating the potential for strong differences in hydrologic 611 sensitivity within a small region (Fig. 6). Downcore data from these end-member lakes may yield 612 hydroclimate records that are comparatively evaporation- and inflow-sensitive. Furthermore, 613 provided that variations in I primarily reflect variations in the integration of seasonal P, lakes 614 with contrasting residence times in regions of high P-E may yield seasonally specific 615 precipitation isotope records
	 627 
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	 629 
	Fig. 1 A) Map of Greenland with study area in red box, and Thule (THU) and Kangilinnguit 870 (KAN) GNIP stations (IAEA 2018). B) Study area with sampled proglacial lakes (white) and 871 non-glacial lakes, with point color corresponding to sub-region and year as in Fig. 3. Locations 872 of Kangerlussuaq (K), Sisimiut (S), and Two Boat Lake (T) weather stations (stars) are 873 indicated.  The approximate boundary in effective precipitation (P-E) as identified by Hasholt 874 and Søgaard (1978) is denoted by a 
	 877 
	Fig. 2 Mean monthly temperature (A) and relative humidity (B) from 2014-2018 for 878 Sisimiut/Coast (blue), Kangerlussuaq/Fjord (green), and Two Boat Lake Catchment/Ice Margin 879 (yellow) (Cappelen 2017; Smeets et al. 2018). Vertical bars represent one standard deviation 880 from the mean. C) OIPC-interpolated monthly precipitation 18O at meteorological station 881 locations (Bowen 2018). Dashed lines represent amount-weighted mean annual precipitation 882 18O at each site. Yellow Xs denote 18O of preci
	during August 2014 (Lindborg et al. 2016). D) OIPC monthly precipitation d-excess at 884 meteorological station locations and mean annual precipitation d-excess (dashed lines) (Bowen 885 2018). Yellow Xs denote d-excess of precipitation events sampled in the TBL catchment during 886 August 2014 (Lindborg et al. 2016). E) Monthly accumulated precipitation for Sisimiut and 887 Kangerlussuaq from 2014-2018 (NOAA 2018). Dots indicate values for 2016 (light) and 2018 888 (dark) 889 


